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ABSTRACT

 

A coupled photochemical-ecosystem model has been developed to simulate the early Archean biosphere. The
model incorporates kinetic and nutrient limitations on biological productivity, along with constraints imposed
by metabolic thermodynamics. We have used this model to predict the biogenic CH

 

4

 

 flux and net primary pro-
ductivity (NPP) of the marine biosphere prior to the advent of oxygenic photosynthesis. Organisms considered
include chemotrophic and organotrophic methanogens, H

 

2

 

-, H

 

2

 

S-, and Fe-using anoxygenic phototrophs,
S-reducing bacteria, CO-using acetogens, and fermentative bacteria.

CH

 

4

 

 production and NPP in our model are limited by the downward flux of H

 

2

 

, CO, S

 

8

 

, and H

 

2

 

S through the
atmosphere–ocean interface and by the upwelling rate of Fe

 

2+

 

 from the deep oceans. For reasonable estimates
of the supply rates of these compounds, we find that the biogenic CH

 

4

 

 flux should have ranged from approx-
imately 

 

1

 

/

 

3

 

 to 2.5 times the modern CH

 

4

 

 flux. In the anoxic Archean atmosphere, this would have produced
CH

 

4

 

 concentrations of 100 ppmv to as much as 35 000 ppmv (3.5%), depending on the rate at which hydrogen
escaped to space. Recent calculations indicating that hydrogen escape was slow favour the higher CH

 

4

 

 concen-
trations. Calculated NPP is lower than in the modern oceans by a factor of at least 40. In our model, H

 

2

 

-based
metabolism is moderately more productive than Fe

 

2+

 

-based metabolism, with S-based metabolism being
considerably less productive. Internal recycling of sulphur within the surface ocean could conceivably raise rates
of sulphur metabolism by a factor of 10 higher than the values predicted by our model.

Although explicit climate calculations have not been performed here, our results are consistent with the idea
that the Archean climate was warm, and possibly very hot. Some or most of our ecosystem scenarios are con-
sistent with the carbon isotope record, depending on how that record is interpreted. If the conventional view is
correct and organic carbon burial accounted for approximately 20% of total carbon burial during the Archean,
then only two of our phototroph-based model ecosystems are plausible. However, if a recent alternative analysis
is correct and only approximately 0–10% of total buried carbon was organic, then essentially all of our anaerobic
ecosystems are plausible. A better understanding of both the geochemical and the biological records is needed
to better constrain our models.
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INTRODUCTION

 

Previous studies by our group (Kasting 

 

et al

 

., 1983; Pavlov

 

et al

 

., 2000, 2001a,b) and by others (Zahnle, 1986; Kiehl &
Dickinson, 1987; Catling 

 

et al

 

., 2001) have explored the
photochemistry of methane in an anoxic early Earth atmosphere
and have examined its effect on climate and on redox
evolution of the crust. Two other studies (Kral 

 

et al

 

., 1998;
Kasting 

 

et al

 

., 2001) have looked at the coupling between
the Archean atmosphere and a hypothetical methanogenic

ecosystem, but only in a pure thermodynamic sense and only
in isolation from other likely components of an anaerobic
Archean biosphere. Another recent study assessed the pro-
ductivity of S- and Fe

 

2+

 

-based Archean ecosystems but did not
explicitly consider H

 

2

 

-based metabolism (Canfield, 2005).
Here, we present a more detailed analysis of the Archean
ecosystem in which we estimate the relative productivity of
H

 

2

 

-, S-, and Fe

 

2+

 

-based metabolism based on both kinetic and
thermodynamic constraints. We are interested specifically in
methane because of its importance to climate, along with its



 

54

 

 

 

P. KHARECHA 

 

et al.

 

© 2005 The Authors
Journal compilation © 2005 Blackwell Publishing Ltd

 

possible significance as a biomarker on extrasolar planets.
However, we hope that our model will also elucidate the
relative importance of different metabolisms, and in doing so,
shed light on the general pattern of biological/ecological
evolution during the early stages of Earth history.

According to standard solar evolution models (e.g. Gough,
1981), the Sun was considerably dimmer in the past – a change
that is best countered by an increased greenhouse effect in
Earth’s atmosphere. Besides CO

 

2

 

 and H

 

2

 

O, the favoured
greenhouse gas is CH

 

4

 

 (Kiehl & Dickinson, 1987; Pavlov

 

et al

 

., 2000). On the present Earth, biotic sources for CH

 

4

 

outweigh abiotic ones. The ratio of biotic to abiotic CH

 

4

 

 was
estimated to be approximately 300 (Kasting & Catling, 2003),
based on an extrapolation of measurements of dissolved CH

 

4

 

in hydrothermal vent fluids emanating from the Lost City vent
field (Kelley 

 

et al

 

., 2001). New measurements (Kelley 

 

et al

 

.,
2005) indicate that dissolved CH

 

4

 

 concentrations at Lost City
are higher than first thought by about a factor of 10; hence,
the ratio of biotic to abiotic CH

 

4

 

 may only be approximately
30. Biotic production of CH

 

4

 

 probably outweighed abiotic
production in the early Archean as well. Here, we estimate
the global biotic production rate of CH

 

4

 

 during the early- to
mid-Archean (approximately 3.8–3.0 Ga), 

 

before

 

 the advent
of oxygenic photosynthesis. We consider the identification of
cyanobacterial and eukaryotic organic biomarkers in 2.7-Ga
sediments by Brocks 

 

et al

 

. (1999) as the earliest convincing
evidence for oxygenic photosynthesis. After the origin of
oxygenic photosynthesis, CH

 

4

 

 production rates may have
increased substantially as a consequence of increased produc-
tion of organic matter (Catling 

 

et al

 

., 2001). This only streng-
thens the conclusion reached here that methane was abundant
enough to exert a major effect on Archean atmospheric
chemistry and climate.

The primary goal of this study is therefore to estimate the
concentration of biogenic CH

 

4

 

 in the Archean atmosphere. A
secondary goal is to assess the supply of nutrients to the global
biota and to estimate global primary productivity. In the mod-
ern biosphere, primary productivity is limited mainly by the
availability of fixed nitrogen (N), phosphate (P), and iron (e.g.
Tyrrell, 1999). However, before the advent of oxygenic pho-
tosynthesis, the main limitation on productivity was probably
the availability of electron donors such as H

 

2

 

, CO, H

 

2

 

S, and
dissolved Fe

 

2+

 

 (Walker, 1977; DesMarais, 1998). In the anoxic
Archean atmosphere, the three reduced gases would have had
long atmospheric lifetimes and could have accumulated to
substantial levels (Walker, 1977; Pavlov 

 

et al

 

., 2001a,b). Their
transfer rates to the surface ocean, or to soils, would have been
limited by diffusion and can thus be estimated quantitatively.
Ferrous iron (Fe

 

2+

 

) was abundant in the deep ocean and would
have been supplied to the surface biosphere by upwelling at
rates that can also be estimated quantitatively (Holland, 1984).
These kinetic constraints are modelled explicitly in the present
study, and the results are compared with those found using
alternative approaches (Canfield, 2005).

Determining the concentrations of biogenic gases in the
Archean atmosphere could provide useful information for the
search for extraterrestrial life. Within the next 10–15 years,
NASA’s two planned Terrestrial Planet Finder (TPF) missions
will attempt to detect possible biosignatures in the atmos-
pheres of Earth-like extrasolar planets. Methane is one of the
potential biosignature gases in such atmospheres (Schindler &
Kasting, 2000). An issue that is relevant for TPF is how much
methane should be present on an inhabited planet compared
to an uninhabited one. The present study helps shed light on
this question.

We begin by outlining some general characteristics of the
early Archean biosphere and discussing the types of primary
producers that likely existed during that period.

 

NATURE OF THE ARCHEAN BIOSPHERE

 

As a starting point, we assume that both net primary produc-
tivity (NPP) and methane production during the Archean
were dominated by ecosystems that were primarily marine
rather than terrestrial. Today, of course, this is not the case.
Rates of terrestrial and marine NPP are roughly equivalent:
approximately 60 Gt C year

 

−

 

1

 

 for land plants and approximately
45 Gt C year

 

−

 

1

 

 for marine ecosystems (Prentice 

 

et al

 

., 2001).
Modern terrestrial productivity, however, is dominated by
vascular plants, which did not evolve until the Late Silurian
period, approximately 440 Ma. By contrast, Archean organisms
were strictly unicellular, or at most filamentous forms of
bacteria. Microbial life was evidently present in Archean soils,
as inferred from isotopically light organic carbon recovered
from 2.6-billion-year-old palaeosols (Watanabe 

 

et al

 

., 2000).
However, in the absence of vascular plants and their extended
root systems, the extent of microbial colonization of the land
surface was probably small. The difficulty in colonizing the
land surface may have been exacerbated by the high solar UV
fluxes expected prior to the development of an effective ozone
shield (Ratner & Walker, 1972; Pavlov 

 

et al

 

., 2001a). We
therefore neglect terrestrial life, recognizing that any such life
that was present would only add to the productivity figures
estimated here.

Similar considerations apply to methanogenic ecosystems
and biological methane production. Today, most biogenic
methane originates from terrestrial environments such as wet-
lands, rice paddies, and cattle farms. Substantial amounts of
methane are also produced at depth in marine sediments;
however, little of it escapes to the overlying ocean and atmos-
phere. Instead, it is consumed by aerobic methanotrophs and
by consortia of anaerobic methanotrophs and sulphate reduc-
ers that use dissolved O

 

2

 

 and sulphate, respectively, to oxidize
the methane (Hayes, 1983; Hinrichs 

 

et al

 

., 1999). By con-
trast, during the Archean the deep ocean was devoid of O

 

2

 

 and
low in sulphate (Canfield, 1998; Canfield 

 

et al

 

., 2000; Huston
& Logan, 2004). Thus, both the oceans and the marine
sediments should have afforded ideal habitats for anaerobic
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micro-organisms such as methanogens. We therefore feel jus-
tified in focusing our attention there, recognizing once again
that production of methane by terrestrial ecosystems would
only add to the numbers estimated here.

 

Limitations on primary productivity in the modern and 
Archean marine biospheres

 

In the modern marine biosphere, primary production is
dominated by oxygenic photosynthesis (CO

 

2

 

 + H

 

2

 

O + h

 

ν

 

 

 

→

 

CH

 

2

 

O + O

 

2

 

), and the global NPP is approximately 45 Gt C
year

 

−

 

1

 

 or approximately 3.8 

 

×

 

 10

 

15

 

 mol C year

 

−

 

1

 

 (Prentice

 

et al

 

., 2001). Except at very high latitudes where the photon
flux is small, marine productivity is limited by the availability
of three nutrients: N (as nitrate), P (as phosphate), and in
some locations, Fe. Tyrrell (1999) has developed a model
of the modern marine biosphere in which P is the ultimate
limiting nutrient (i.e. limiting on long time scales) and N is the
proximate limiting nutrient (limiting on relatively short time
scales). In his model, biological nitrogen fixation keeps pace
with P availability, so that it is P, not N, that ultimately
determines primary productivity. He assumes a flux balance in
which P is supplied to the oceans by riverine input (ultimately
by weathering of rocks on the continents) at a global rate of
approximately 10

 

11

 

 mol year

 

−

 

1

 

, and is removed as a constituent
of organic matter. In reality, P is also removed from the oceans
by adsorption onto iron oxyhydroxides precipitating in
hydrothermal plumes, and as a component of evaporite deposits
(Van Cappellen & Ingall, 1996).

In the anaerobic Archean marine biosphere, once biological
nitrogen fixation had been invented, N should not have been
an ultimate limiting nutrient, for the same reasons it is not lim-
iting in the modern ocean. The ability to fix nitrogen is com-
mon among modern anaerobic prokaryotes, and it is thought
that this capability developed early in biological evolution
(Cloud, 1976; Margulis, 1982; Broda & Peschek, 1983; Fay,
1992; Raymond 

 

et al

 

., 2004). We therefore feel justified in
neglecting N in this study.

By contrast, P may well have been less available during the
Archean than at present. Bjerrum & Canfield (2002) have
argued that dissolved P concentrations would have been only
10–25% of their present value as a consequence of adsorption
of P by iron oxyhydroxides during BIF deposition. (‘BIF’ is
short for banded iron-formation.) If productivity had been
limited by P, as today, it should have been lower by this same
amount. We have already suggested that Archean productivity
was limited by other factors, specifically the supply of electron
donors. To demonstrate this, however, we need to have an
estimate for the P-limited productivity rate. Using numbers
from Bjerrum & Canfield (2002) gives an estimate of (4–10)

 

×

 

 10

 

14

 

 mol C year

 

−

 

1

 

 for Archean NPP.
A comparable estimate of P-limited Archean primary pro-

ductivity can be obtained by a different argument. Multiplying
the P supply value from Tyrrell (1999) by the C:P ratio in

organic matter (106 : 1) yields a modern organic carbon burial
rate of approximately 10

 

13

 

 mol year

 

−

 

1

 

. The burial efficiency
of organic carbon in today’s ocean is approximately 0.2%
(Berner, 1982); thus, modern NPP should be equal to 10

 

13

 

 mol
year

 

−

 

1

 

 · (0.2%)

 

−

 

1

 

 = 5 

 

×

 

 10

 

15

 

 mol year

 

−

 

1

 

, or 60 Gt C year

 

−

 

1

 

. This
is roughly consistent with the previous estimate (Prentice

 

et al

 

., 2001). The relative constancy of the 

 

13

 

C content of
marine carbonates over time suggests that the burial propor-
tion of organic carbon has not changed greatly since at least
3.0 Ga (Schidlowski 

 

et al

 

., 1983; DesMarais, 1997), although
Bjerrum & Canfield (2004) have suggested an alternative view
(see Discussion section). The burial 

 

efficiency

 

, however, was
probably higher in the distant past because of the absence
of O

 

2

 

 and sulphate from deep water. If the Archean burial
efficiency was similar to that of the modern, euxinic Black Sea,
approximately 2% (Arthur 

 

et al

 

., 1994), then NPP should
have been approximately 5 

 

×

 

 10

 

14

 

 mol C year

 

−

 

1

 

 or 6 Gt C
year

 

−

 

1

 

. The actual burial efficiency in the Black Sea is uncertain
and could actually be as low as the open ocean value. We have
used the upper limit here. Increasing the burial efficiency of
organic carbon by a factor of 10 lowers NPP by this same
factor, if burial of organic matter is the dominant sink for P.

Note that our global NPP and CH

 

4

 

 flux values assume that
productivity was equal everywhere. In the modern ocean, this
is not the case; some areas of the surface ocean are much more
P-rich, and hence much more productive, than others (Fig. 1).
If the Archean oceans were similar in this respect to today’s
oceans, only approximately 30–50% of the surface ocean may
have been productive. Thus, our 1D calculations may overes-
timate NPP and CH

 

4

 

 production by a factor of 2 or 3.
Despite the fact that P may have been less available during

the Archean than today, P would probably 

 

not

 

 have limited
productivity in regions where it was available. The next section
describes in more detail what the critical electron donors are
likely to have been and what types of organisms would have
depended on them. A more general discussion of micro-
organisms and their metabolisms can be found in 

 

Brock Biology
of Microorganisms

 

 (Madigan 

 

et al

 

., 2002).

Fig. 1 Spatial distribution of modern marine NPP. (Credit: R. Simmon and
W. Gregg, NASA-GSFC. See http://www.gsfc.nasa.gov/goddardnews/
20030919/carbon.html).

http://www.gsfc.nasa.gov/goddardnews/
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Anaerobic microbial ecosystems on the Archean Earth

 

Following other workers who have speculated about life on
the anoxic early Earth (e.g. Walker, 1977; DesMarais, 1998),
we consider the primary electron donors to have been H

 

2

 

, CO,
H

 

2

 

S, and Fe

 

2+

 

. Estimates for the rates of supply of each of these
compounds will be given in the Results section. The most
abundant of these compounds would have been H

 

2

 

. Hence,
we begin by considering plausible H

 

2

 

-based ecosystems.
We discuss CO here as well because, as we will see, CO metabolism
probably evolved very early. Otherwise, the atmosphere
would have quickly filled up with CO – a process that we
term ‘CO runaway’. CO-rich early atmospheres are not
physically impossible (see, e.g. Kasting, 1990), but they would
have been such a rich energy source for life that it seems
unlikely that organisms would have allowed them to persist.

 

H

 

2

 

- and CO-based metabolism

 

We first simulated ecosystems in which the primary producers
are H

 

2

 

-using methanogens, H

 

2-using anoxygenic phototrophs,
and CO-consuming acetogens. The corresponding metabolic
reactions are, respectively:

CO2 + 4 H2 → CH4 + 2 H2O (R1)

CO2 + 2 H2 ( + hν) → CH2O + H2O (R2)

4 CO + 2 H2O → 2 CO2 + CH3COOH (R3)

Phylogenetic sequencing based on protein sequences, as
well as whole genome analysis, suggests that H2-using
methanogens evolved sometime during the Archean (House
et al., 2003; Battistuzzi et al., 2004). We further assume that
these organisms evolved before O2-producing phototrophs,
based on molecular clock estimates (Battistuzzi et al., 2004).
As we will show, the early Archean atmosphere likely had
ample free H2, which would have allowed methanogens to
thrive in a wide variety of habitats. So, it is certainly plausible
that they were extant since very early times.

We also assume, following others (e.g. Walter, 1983; Westall,
2005), that anoxygenic photosynthesis evolved very early.
Recently, Tice & Lowe (2004) argued that, based on geo-
chemical and sedimentological data in putative 3.4-Ga micro-
bial mats, anoxygenic phototrophs were likely present in the
Archean ocean. Furthermore, Xiong et al. (2000) provided a
phylogenetic argument that anoxygenic photosynthesis pre-
ceded oxygenic photosynthesis. According to their analysis,
chlorophyll-a biosynthesis pathways evolved from bacterio-
chlorophyll-a biosynthesis pathways, and purple bacteria are
the earliest diverging lineage of anoxygenic phototrophs.
A realistic early Archean ecosystem would probably have
contained both H2-using methanogens and H2-using pho-
totrophs, along with other photosynthetic organisms that
used Fe2+ and H2S as electron donors. Once they had evolved,

the phototrophs would likely have dominated productivity in
the surface ocean where sunlight was readily available, while
the methanogens would have dominated at greater depths.
Deep ocean productivity would have been low, however, for
reasons discussed below. Hence, Archean primary productivity
was probably concentrated in the surface ocean, as it is today,

Most of our simulations also included two groups of sec-
ondary organisms – acetogenic bacteria (fermentors) and ace-
totrophic methanogens – which are dependent on the organic
matter produced by the above primary producers, and whose
metabolic reactions are, respectively:

2 CH2O → CH3COOH (R4)

CH3COOH → CH4 + CO2 (R5)

Because the ocean is deficient in both O2 and sulphate in our
models, most of the organic matter produced by anoxygenic
photosynthesis (R2) must have been broken down by these
pathways, or by analogous ones involving other fermentation
products. Hence, the net result of either R1 or R2 is production
of CH4.

In our model, and probably on the actual Archean Earth as
well, this CH4 flows back into the atmosphere where it is pho-
tochemically oxidized to CO. This CO can be further oxidized
to CO2 by reaction with hydroxyl radical, OH (CO + OH →
CO2 + H); however, the rate at which this reaction occurs is
limited by the rate at which OH is produced from photolysis
of water vapor (H2O + hν → H + OH). In many of our sim-
ulations, especially those in which H2 is abundant, CO is pro-
duced faster than it can be removed photochemically from the
atmosphere; hence, it accumulates without bound unless some
other process takes it up. Despite previous assertions to the
contrary (Van Trump & Miller, 1973), hydration of CO in the
oceans is not fast enough to keep CO from accumulating. This
process is analysed in Appendix 3. This phenomenon has been
observed in other photochemical modelling studies and has
been termed ‘CO runaway’ (Kasting et al., 1983; Zahnle, 1986).

We assume here that CO did not accumulate to extremely
high levels because it was a useful substrate and, hence, was
consumed by organisms. The enzyme used by such bacteria,
CO dehydrogenase, is a bifunctional enzyme that plays a
pivotal role in carbon assimilation, both in synthesizing and in
degrading acetyl-CoA. It is considered an ancient enzyme and
would have been part of the metabolic capacity of prokaryotic
ecosystems (Ragsdale, 2004). This could have allowed an effi-
cient and quick metabolic switch to CO for respiration, given
the environmental selective pressures (Lindahl & Chang,
2001). Several genera of autotrophic acetogens are known to
metabolize CO via R3 (Genthner & Bryant, 1982; Lynd
et al., 1982; Kerby & Zeikus, 1983; Kerby et al., 1983). By
comparison, methanogens do quite poorly when cultivated on
CO; it is far more favourable for them to consume H2 or
acetate (Daniels et al., 1977; O’Brien et al., 1983). Dissolved CO
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should not be confused with its hydrated counterpart, formate
(HCOO–), which is a good substrate for methanogens.
Hydration of CO to give formate is slow at low temperatures,
as discussed in Appendix 3. Thus, rapid uptake of CO probably
required the existence of acetogens.

Note that the CH3COOH produced by the primary ace-
togens (R3) would also have been consumed by the acetotrophic
methanogens (R5) to produce CH4. That overall reaction
(R3 + R5) can be written as:

4 CO + 2 H2O → 3 CO2 + CH4 (R6)

Thus, this reaction sequence effectively balances the photo-
chemical conversion of CH4 into CO that takes place in the
atmosphere.

A simple microbial ecosystem that includes both primary
producers and secondary organisms is illustrated in Fig. 2. In
the model depicted there, H2-using methanogens are the primary
producers, and the secondary acetogens and methanogens

are responsible for anaerobic recycling of the organic matter
that the primary methanogens produce. A more realistic
diagram that included all the primary producers would be
needed to fully represent this part of the model.

Sulphur-based metabolism
Sulphur-using organisms were also likely to have been present
on the early Archean Earth. Indeed, genomic analysis suggests
that elemental sulphur-reducing bacteria might have been the
first organisms to evolve (House et al., 2003). Many anoxygenic
phototrophs can also use H2S as a reductant, in place of H2.
We envision this part of the Archean marine ecosystem as
being akin to a sulphuretum in which there are two groups of
primary producers: elemental sulphur (S8)-reducing bacteria
and H2S-using anoxygenic phototrophs (e.g. purple and
green sulphur bacteria; Madigan et al., 2002). We assume that
the sulphur reducers metabolized elemental sulphur via the
following reaction:

1/8 S8 + H2 → H2S (R7)

Most likely, both H2 and particulate S8 would have been
supplied from the atmosphere and from internal recycling
of sulphur within the surface ocean. Little or no recycling of
sulphur would probably have occurred in the deep ocean because
it was filled with ferrous iron, making sulphide insoluble
(Walker & Brimblecombe, 1985). For the H2S-using photo-
trophs, we assume the following photosynthetic reaction:

CO2 + 2 H2S ( + hν) → CH2O + 2 S + H2O (R8)

H2S would have been supplied from the atmosphere and
from R7.

Our model of the Archean sulphur-based ecosystem is
simpler than the real world in that we have not attempted to
calculate internal rates of sulphur recycling within the surface
ocean. Doing so would require kinetic data from sulphureta,
and we have not been able to locate such information. Thus,
the productivity of our sulphur-based ecosystem is limited by
the atmospheric deposition fluxes of H2, S8, and H2S, which
are in turn limited by the H2 and SO2 outgassing rates. We
note that H2S-using phototrophs would likely not have
thrived in regions where ferrous iron was being upwelled.
There, the supply of iron would have vastly exceeded the sup-
ply of sulphur, thus sulphur would have been rapidly removed
by pyrite formation. Upwelling regions comprise only a small
fraction of the surface ocean, though, and so much of the
Archean surface ocean may have supported an ecosystem
based on R7 and R8.

Iron-based metabolism
A third source of reducing power for fixing CO2 photo-
synthetically is ferrous iron, Fe2+. This photoautotrophic
reaction is conventionally written as follows:

Fig. 2 Diagram of a methanogen-based ecosystem (case 1) showing the rel-
evant biochemical reactions and chemical fluxes (see text for term definitions).
As in the text, R1 represents H2-using methanogens, R4 represents acetogenic
bacteria, and R5 represents acetotrophic methanogens. Methanogen growth
yield (assimilation:metabolism ratio) is assumed to be 0.1; burial efficiency is
assumed to be 2%. The overall balance between Φvolc(H2), Φesc(H2), and
Φburial(CH2O) determines the total atmospheric H2 mixing ratio (see next
section). Atmospheric H2 enters the ocean and is converted into organic matter
and CH4 by the biota. This biogenic CH4 then flows into the atmosphere and
is converted back into H2 (and CO2) by photolysis.
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4 Fe2 +  + CO2 + 11 H2O ( + hν) → 4 Fe(OH)3 + CH2O + 8 H +

(R9)

Such iron-oxidizing phototrophs could have been important
primary producers in upwelling regions of the Archean ocean.
These anoxygenic phototrophs are believed to have played an
important role in the formation of at least some Precambrian
banded iron-formations, or BIFs (Ehrenreich & Widdel, 1994;
Konhauser et al., 2002; Kappler & Newman, 2004). BIFs
are sedimentary rock deposits, some of which contain oxidized
iron compounds despite having formed under an anoxic
atmosphere. Geologists have argued for the last 50 years or
more about exactly how the iron in BIFs became oxidized.
We will not attempt to resolve that debate here. We simply
concern ourselves with deriving estimates for how productive
Fe-based metabolism could have been under completely anoxic
conditions. These estimates are provided in the Results
section.

Overview of model scenarios

The timeline for the evolution of Archean organisms remains
uncertain. In this study we have taken a reductionist approach
and considered five simplified case scenarios with different
combinations of the organisms described above. These are
as follows. Case 1: chemotrophic methanogens, acetogenic
bacteria, and acetotrophic methanogens (R1, R4, and R5,
respectively). Case 2: same three organisms as in Case 1, plus
CO-consuming acetogens (R3). Case 3: H2-using anoxygenic
phototrophs, CO-consuming acetogens, acetogenic bacteria,
and acetotrophic methanogens (R2, R3, R4, and R5, respec-
tively). Case 4: elemental sulphur reducers and H2S-using
anoxygenic phototrophs (R7 and R8, respectively). Case 5:
Fe2+-oxidizing phototrophs (R9). Cases 1–4 all require
numerical simulations with the coupled photochemical-
ecosystem model, whereas Case 5 does not.

MODEL DESCRIPTION

In the previous section we described the types of organisms
that we consider to have been important components of the
Archean biosphere. To make meaningful estimates of rates of
primary production and trace gas fluxes, though, we need a
detailed physical model of the atmosphere and surface ocean.
This section provides those details.

Ecosystem model

In most of the anaerobic ecosystems that we are considering,
primary productivity would have been limited by the down-
ward flux of H2, CO, S8, and H2S across the atmosphere–
ocean interface. Likewise, the flux of CH4 into the atmosphere
would have been limited by its rate of upward transport
through this same interface. To evaluate these fluxes, we

adopted the stagnant boundary layer model (Liss & Slater,
1974). This approach presumes that there is a thin layer at the
top of the ocean surface through which the gas must pass by
molecular diffusion (see Fig. 3). In reality, the atmosphere–
ocean interface is more complex, with wave-breaking, bubble
formation, etc.; however, the stagnant boundary layer approach
allows us to bypass these complications in a semiempirical
manner. By a procedure that is well known to marine
geochemists, the thickness of the stagnant layer (zfilm ≈ 40 µM)
is determined empirically, either from measurements of
natural 14C in the atmosphere and surface ocean or from tracer
distributions in wind tunnel experiments. (See discussion in
Broecker & Peng, 1982.) We assume that the rates at which
any gas can flow through the atmosphere–ocean interface is
limited by its piston velocity. The piston velocity is the rate at
which a dissolved gas would be expelled from the water
column by a piston moving upwards at constant velocity. In
this approach, the flux of a gas is proportional to the product
of its piston velocity and its concentration gradient between
the top and the bottom of the stagnant boundary layer. At the
top of the layer, the gas concentration is in Henry’s Law
equilibrium with the atmosphere; at the bottom it is equal to
the dissolved gas concentration in the surface ocean. Under
these assumptions, the molecular flux of a gas X across the
atmosphere–ocean interface can be expressed mathematically
as:

Φ(X) = νp(X) . (α(X) . pX − [X]aq) . C, (1)

where νp(X) = piston velocity of species X = Kdiff (X)/zfilm,
Kdiff(X) = thermal diffusivity of X,
α(X) = solubility of X (i.e. the Henry’s law coefficient),
pX = partial pressure of X (in bar),
[X]aq = dissolved concentration of X (in mol L−1), and
C = 6.02 × 1020 molecules cm−3 mol−1 L (units conversion

factor).
Parameter values for several key gases at 25 °C are shown in

Table 1. As explained in the Results section, the temperature
dependence in our model is fairly weak; thus, for convenience
we use these 25 °C parameter values in all of our simulations.

Fig. 3 The stagnant boundary layer model. The flux of gas X across the
atmosphere–ocean interface is equal to the product of its piston velocity
(vp(X) = Kdiffusion(X)/zfilm) and its concentration gradient between the top and
bottom of the boundary layer ([X]top – [X]bottom).
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The kinetic constraint imposed by this stagnant boundary
layer approach requires that dissolved gas concentrations in
the surface ocean be in disequilibrium with the atmosphere.
For example, because H2 needs to flow downward from the
atmosphere into the ocean, the dissolved H2 concentration in
the surface ocean, [H2]aq, must be less than the dissolved H2

concentration at the top of the boundary layer, α(H2) · pH2.
The opposite is true for CH4 because it is flowing upward.

Atmosphere model

The atmospheric photochemistry model is a modified version
of the one described in detail by Pavlov et al. (2001a). It
simulates an anoxic Archean atmosphere in which surface
O2 concentrations are approximately 10−12 of the present
atmospheric level (PAL). It is one-dimensional (in altitude)
and contains 73 chemical species involved in 359 reactions;
its grid height is 100 km. The solar zenith angle is fixed at
50°, and a two-stream approach is used for the radiative
transfer.

Assessment of the redox balance is a crucial part of this and
all anoxic atmosphere models. We did this by keeping track of
the atmospheric hydrogen budget, i.e. the flow of electrons
into and out of the system (Appendix 1). The hydrogen budget
can be subdivided into two separate components. The first is
the overall balance for the combined atmosphere–ocean
system between volcanic outgassing of H2 (and other reduced
gases), H2 escape to space, and burial of organic carbon. The
second is the balance between production and loss of oxidized
and reduced species for the atmosphere by itself. Ignoring
the atmospheric balance for now, we can express the overall
hydrogen balance mathematically as

Φvolc(H2) = Φesc(H2)  +  2 Φburial(CH2O). (2)

In practice, Φvolc(H2) is calculated recursively – we first set it
equal to Φesc(H2), then we factor in the Φburial(CH2O) term
with each subsequent iteration until the model converges.
The next paragraph describes how we calculate Φesc(H2);
the next subsection below describes how Φburial(CH2O) is
derived. The coefficient of 2 in Eqn 2 arises because 2 mol of

H2 are needed to reduce 1 mol of CO2 to organic carbon: CO2

+2 H2 → CH2O + H2O. Similar stoichiometric coeffi-
cients arise in the other redox relations, as described in
Appendix 1. Equation 2 states that the net flux of reducing
power into the atmosphere–ocean system must equal the net
flux out. Three other terms have been neglected here: (i)
the difference between the Fe2+ upwelling rate and the
BIF formation rate should appear on the left-hand side of
Eqn 2; (ii) sulphate that reacts with reduced iron on the
seafloor should also appear on the left; and (iii) the burial of
pyrite should appear on the right. The terms involving sul-
phur are small, according to the numbers assumed here, and
have hence been ignored. The iron flux is significant and
would serve to increase the amount of H2 supplied to the
atmosphere–ocean system, leading to slightly higher
atmospheric H2 and CH4 concentrations than predicted
here. The uncertainties are small, however, compared to
those described immediately below.

In all of our models, the escape rate of H2 to space is
assumed to be limited by the rate of diffusion of H2 through
the homopause at approximately 100 km (but see below).
This diffusion-limited escape flux is calculated as follows
(Hunten, 1973; Walker, 1977):

Φesc(H2) ≈ 2.5 × 1013 · ftot(H2) molecules cm−2 s−1, (3)

where

ftot(H2) = f (H2)  + 2 f (CH4)  + f (H2O)  + … (4)

is the sum of the mixing ratios of all H2-bearing atmospheric
constituents above the tropopause, weighted by the amount of
hydrogen they contain. We keep track of the hydrogen budget
in terms of H2 molecules, rather than H atoms. Henceforth,
we will also follow standard atmospheric chemists’ notation
and omit the word ‘molecules’ from the flux units. In accord-
ance with climate modelling results (e.g. Kasting & Ackerman,
1986; Pavlov et al., 2000) we assume that the Archean atmos-
phere was dry above the tropopause, as it is today. Hence, Eqn 4
is simplified to:

ftot(H2) ≈ f (H2)  + 2 f (CH4). (5)

The modern volcanic H2 outgassing rate is approximately
5 × 1012 mol year−1, or approximately 2 × 1010 cm−2 s−1

(Holland, 2002). During the Archean the H2 outgassing rate was
probably higher than it is today and, importantly, H2 escape
may have proceeded at less than the diffusion limit (Tian et al.,
2005; see also the Discussion section). Thus, using ftot(H2)
as our independent variable, we have performed calculations
over a range of different total hydrogen mixing ratios,
including ones much greater than our minimalist assumptions
would predict. The effect of CH4 on Archean climate would
have been greatest if hydrogen escape was slow.

Table 1 Solubilities, thermal diffusivities, and piston velocities for relevant
gases*
 

 

Gas Solubility† Diffusivity‡ Piston velocity§

H2 7.8 × 10−4 5.0 × 10−5 1.3 × 10−2

CH4 1.4 × 10−3 1.8 × 10−5 4.5 × 10−3

CO 1.0 × 10−3 1.9 × 10−5 4.8 × 10−3

H2S 10−1 1.4 × 10−5 3.4 × 10−3

*Data from NIST Chemistry WebBook 2003 & Lide 2000; all values at 25 °C.
†In mol L−1 bar−1.
‡In cm2 s−1.
§In cm s−1, assuming film thickness of 40 µm.
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Coupled atmosphere–ecosystem model

Most of the complexity in our model is related to our
simulations of H2-based ecosystems, so we describe that part
of the model first. Our sulphur- and iron-based ecosystem
models are simple by comparison because no recycling of these
compounds is assumed to occur.

To determine the global biogenic CH4 flux and NPP of our
H2-based coupled atmosphere–ecosystem models (Cases 1–3),
we first set the appropriate lower boundary conditions on the
three main gases of interest: H2, CO, and CH4. For our meth-
anogen-based ecosystems (Cases 1 and 2), we used fixed
mixing ratio lower boundary conditions for both CH4 and H2,
subject to the constraint that their weighted sum equalled
ftot(H2) (Eqn 5). When these boundary conditions are applied,
the photochemical model automatically determines the
(upward or downward) flux of each gas at the surface, based
purely on the model chemistry and conservation of mass. To
incorporate the ecology of H2-using methanogens in the eco-
system model, we used the free energy form of the Nernst
equation and assumed that the methanogens would consume
dissolved H2 until they obtained 30 kJ mol−1 from reaction
R1. This is the approximate Gibbs free energy change, ∆G,
needed to synthesize 1 mol of ATP. (See Appendix 2 for details.)
This type of assumption is standard in modelling of anaerobic
ecosystems (see, e.g. Zinder, 1993; Kral et al., 1998; Kasting
et al., 2001). The precise value of ∆G at which H2 uptake is
presumed to cease varies from one study to the next and may
be as low as 10–20 kJ mol−1 (Conrad, 1999). Lower ∆G values
would correspond to slightly higher methane fluxes than
found here. A sensitivity test, described in the Results section,
shows that decreasing ∆G has a relatively small effect on
calculated methane fluxes and NPP.

Based on laboratory studies of H2-using methanogens
(Schönheit et al., 1980; Fardeau & Belaich, 1986; Morii et al.,
1987), we assume that these organisms assimilate 1 mol of
CO2 into biomass for every 10 mol they metabolize; thus, the
organic matter production rate (NPP) is 10 times lower than
the CH4 production rate. The actual ratio of assimilation to
metabolism, referred to as the ‘growth yield’, is variable in
laboratory studies. The 1:10 ratio assumed here is reasonable
for substrate-limited growth, which is what occurs in the
model when primary production is limited by H2. A higher
growth ratio would have little effect on the predicted methane
flux but would increase NPP at a given value of ftot(H2). To
calculate Φburial(CH2O), we multiply NPP by an assumed
organic carbon burial efficiency, fB. We use the modern value
of 0.2% (Berner, 1982) as a lower limit on fB and we use 2% as
an upper limit (see Fig. 2). The latter value corresponds to the
organic carbon burial efficiency estimated for the Black Sea
(Arthur et al., 1994), which is a modern anoxic ocean basin.
The calculated values of Φburial(CH2O) are then used in Eqn
2 to compute the relationship between volcanic outgassing
rates and the total hydrogen mixing ratio of the atmosphere.

Note that in this formulation, the recycling efficiency is given
by 1-fB, and thus the internal CH2O recycling rate can be cal-
culated as [1-fB] · NPP. However, only the CH2O burial rate
affects the overall redox balance.

For Cases 1 and 2, the solution is found as follows: We first
fix the atmospheric CH4 and H2 mixing ratios, as described
above, and determine the upward flux of CH4 from the pho-
tochemical model. (The upward CH4 flux is equal to the net
photochemical destruction rate of CH4 in the model atmos-
phere.) Next, we use the stagnant boundary layer model (Eqn 1)
to find the dissolved CH4 concentration in the surface ocean.
Then, we use the Nernst equation (Eqn A2.1) to derive the
dissolved H2 concentration, and we calculate the H2 deposi-
tion flux from the stagnant boundary layer model. This pro-
cedure yields an H2 flux, Φeco(H2), that can be compared with
the H2 deposition flux, Φdep(H2), computed by the photo-
chemical model. In general, these two H2 fluxes do not agree,
and so the procedure is repeated using different atmospheric
H2 and CH4 mixing ratios until a self-consistent solution
is obtained (Fig. 4). The point where Φeco(H2) and Φdep(H2)
intersect in Fig. 4 represents a unique solution to the coupled
photochemical-ecosystem model for a given value of ftot(H2).
This unique solution could in principle be found more eco-
nomically by allowing the surface H2 and CH4 mixing ratios
to adjust during the calculation, but we used the more cum-
bersome procedure described above to maintain strict control
over this relatively complex coupled model.

For Case 3, we assume that the anoxygenic phototrophs
would have consumed H2 as fast as it flowed into the ocean,
as they are not limited by the same free energy requirements
as the methanogens. Thus, rather than fixing the H2 mixing
ratio, we fix the H2 deposition velocity at its maximum allowable
value, 2.4 × 10−4 cm s−1. (See the ensuing discussion of CO
deposition for how this value is derived.) The photochemical

Fig. 4 H2 deposition fluxes from the ecosystem model [Φeco(H2)] and the
photochemistry model [Φdep(H2)] as a function of CH4 concentration for
ftot(H2) = 200 ppmv. The intersection between the two curves corresponds to
the steady-state concentration of CH4. The CO2 mixing ratio was kept constant
at 2500 ppmv.
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model then calculates both the H2 deposition flux and the H2

mixing ratio. In this case, the NPP is simply equal to 1/2 of the
H2 deposition flux, based on the stoichiometry of reaction
R2 (i.e. 2 mol of H2 are used to produce 1 mol of CH2O). As
with Cases 1 and 2, we calculate Φburial(CH2O) by multiplying
NPP by the organic carbon burial efficiency, fB.

The lower boundary condition on CO is also important.
For the two cases in which we include CO-consuming ace-
togens (Cases 2 and 3), we initially assumed a fixed CO mixing
ratio. This mixing ratio was then adjusted iteratively to find a
self-consistent solution, as was done for H2 in the methano-
gen-based ecosystems. However, we found that the dissolved
CO concentration was always negligible compared to the CO
concentration at the top of the boundary layer (see Eqn 1).
The reason is that CO consumption is so thermodynamically
favourable that acetogens pull its dissolved concentration
down to extremely low values, at least under our assumption
of fixed ∆G for R3. Thus, the downward CO deposition flux
is essentially equal to the maximum value allowed by the
stagnant boundary layer model. This allows us to use a fixed
deposition velocity lower boundary condition for CO, calculated
as follows:

(6)

where nair is the total number density of air molecules. The
value of this (maximum) CO deposition velocity is 1.2 × 10−4

cm s−1. This value is about half that of H2 because of the
lower thermal diffusivity of CO in solution (Table 1). The
photochemical model then automatically calculates both the
deposition flux and the mixing ratio of CO.

For our sulphur-based ecosystem (Case 4), we first set
ftot(H2) = 800 ppmv, i.e. the ‘prebiotic’ value derived from
assuming the modern volcanic H2 outgassing rate and H2

escape rate and neglecting organic carbon burial in Eqn 2. We
used fixed CH4 and H2 mixing ratios and assumed the con-
straint on ftot(H2) imposed by Eqn 5. We then lowered CH4

levels (and correspondingly, raised H2 levels) as much as allow-
able in the photochemical model in order to simulate an
ecosystem in which methanogens had not yet evolved. Recall
from the previous sections that sulphur metabolism appears to
have preceded all other metabolisms. In addition, using
values from the NIST Chemistry WebBook and applying the
Gibbs equation (∆G = ∆H – T∆S, where ∆H = enthalpy
change, T = temperature, and ∆S = entropy change) to R7,
we found that ∆G0 = −33.3 kJ mol−1 for R7. Then, using
model-calculated values of pH2S and pH2, we applied the
Nernst equation to the same reaction and determined that, on
average, our sulphur reducers obtain approximately 60 kJ mol−1

from R7; thus, there are effectively no thermodynamic
barriers on their metabolism. So, rates of productivity in
our sulphur-based ecosystem were controlled only by the
downward flux of sulphur species from the atmosphere, a
kinetic constraint.

Note that the bulk of both the sulphur- and H2-based
productivity should have occurred in the surface ocean (the
top approximately 100 m, corresponding to the wind-mixed/
photic zone). The productivity of the deep ocean should have
been much lower because the downward flux of H2 would
have been slower and because sulphur would have been
consumed by reaction with ferrous iron. The H2 supply to the
deep ocean would have been slower than the supply to the sur-
face ocean by the ratio of the piston velocity to the surface-deep
ocean mixing velocity. The former is approximately 1.3 ×
10−2 cm s−1 (Table 1), while the latter is approximately 1.2 ×
10−5 cm s−1, based on an average ocean depth of 4 km and a deep
ocean turnover time of 1000 year. Thus, on average, H2 would
have been supplied to the deep ocean approximately 1000 times
more slowly, implying that deep ocean H2-based productivity
was lower than surface productivity by this same factor.

RESULTS

As anticipated in the previous sections, we present the results
of our calculations in reductionist fashion, analysing one
type of ecosystem at a time and adding additional complexity
when needed. In reality, all of the anaerobic metabolisms
discussed herein would have been represented in a single
complex ecosystem. But that whole, complex ecosystem can
be best understood by examining one component at a time.

Case 1: Methanogen-based ecosystem

Primary production by R1 and recycling by R4 and R5 were
considered here. Figure 4 shows an example of a self-consistent
solution for this system for prescribed values of ftot(H2) = 200
ppmv and f (CO2) = 2500 ppmv. This CO2 mixing ratio is less
than one would need climatically to offset the faint young
Sun; however, it will become apparent in a moment why
we started at these relatively low total hydrogen and CO2

concentrations. The calculated CH4 and H2 concentrations
for this case are approximately 70 ppmv and approximately 60
ppmv, respectively. This CH4 concentration is approximately
40 times higher than the modern CH4 concentration of 1.7
ppmv, indicating that methane should have been an important
atmospheric constituent even for this minimalist case.

Figure 5(A) shows the vertical mixing ratio profiles for H2,
CH4, and CO for this solution. The CH4 mixing ratio is rela-
tively high near the surface but decreases in the middle and
upper atmosphere, while the opposite is true for H2. This is
because methanogens draw down H2 near the surface to make
CH4; then at higher altitudes CH4 is converted back to H2

and CO2 (or CO) by photolysis and subsequent photochem-
ical reactions.

The corresponding H2 and CH4 fluxes are shown in the first
row of Table 2. The modern global biogenic CH4 flux is
approximately 600 Tg CH4 year−1, or approximately 3.6 × 1013

mol year−1 (Prather et al., 2001). By comparison, the CH4 flux
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from our ftot(H2) = 200 ppmv model run is approximately
1.9 × 1013 mol year−1, or just over half of the modern value.
Higher values of ftot(H2) yield CH4 fluxes equal to or greater
than the modern flux. In the anoxic Archean atmosphere, these
fluxes would have supported CH4 levels between approxi-
mately 70–350 ppmv for this case (Table 2). For a solar con-
stant equal to 80% of the present value (the expected value at
2.7 Ga), these CH4 levels would have led to mean global sur-
face temperatures slightly lower than today’s value of 288 K
(Pavlov et al., 2000). The higher CH4 concentration in the
Archean atmosphere, compared to today, is a consequence of
its longer photochemical lifetime.

At high values of ftot(H2) this Case 1 ecosystem yields very
high CO concentrations (Fig. 5B). The CO concentration in
this simulation is approximately 20% by volume. Still higher
values of ftot(H2) lead to CO runaway. CO runaway can also
result from increases in CO2, as photolysis of CO2 is another

CO source (Fig. 6). The cases described below presume that
the ability to metabolize CO would have evolved quickly,
thereby keeping CO levels relatively low.

We have performed two simple sensitivity tests to determine
the effects of changing two of our model input parameters.
First, we decreased ∆G from −30 kJ mol−1 to −10 kJ mol−1 for
the H2-using methanogens. This increased both the H2 dep-
osition flux and the CH4 flux, but only slightly (approximately
1%). The reason our results are so insensitive to ∆G is that, as
described in Appendix 2, ∆G0 = −131 kJ mol−1 at 25 °C; thus,
the concentration gradient of H2 within the stagnant bound-
ary layer (see Eqn 1) is largely unaffected by a 20 kJ mol−1

change in ∆G, because dissolved H2 changes relatively little
(see Eqn A2.3). Second, we increased the model atmosphere
and ocean temperatures by 25 °C, and likewise found only
minor (1–10%) changes in the fluxes and mixing ratios of
interest.

Case 2: Methanogen–acetogen ecosystem

Here, R3 was added to the system from Case 1. For this case,
as well as for Case 3, we increased the CO2 mixing ratio to
25 000 ppmv (2.5%) in order to simulate more climatically
plausible conditions for the early Archean, and we ran the
coupled model using six different levels of ftot(H2): 200,
500, 800, 2000, 5000, and 10 000 ppmv. (Note: As a con-
sequence of using fixed vdep(H2) as opposed to fixed f (H2)
for Case 3, our values of ftot(H2) in that case differ slightly from
the six values listed here; however, these discrepancies are
small and have little effect on our results.) For both of these
cases, we determined the downward CO flux by applying the
fixed deposition velocity lower boundary condition (Eqn 6) to
the photochemical model. Figure 7 shows calculated mixing
ratio profiles of H2, CO, and CH4 for three Case 2 simulations
with total hydrogen mixing ratios ranging from 200 ppmv to

Fig. 5 Vertical mixing ratio profiles of H2, CH4, and CO in our Case 1 ecosystem
for ftot(H2) = (a) 200 ppmv and (b) 800 ppmv. The CO2 mixing ratio was fixed
at 2500 ppmv for both cases. In the absence of a biotic sink, CO can quickly
accumulate to very high levels in a methanogenic ecosystem.

Fig. 6 Surface mixing ratio of CO as a function of CO2 in the Case 1 ecosystem
for ftot(H2) = 200 ppmv. As is the case when the CH4 mixing ratio is increased
(Fig. 5), CO can rapidly increase with increasing CO2 if there are no CO-
consuming biota.
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5000 ppmv. The inclusion of the CO-consuming acetogens
keeps CO mixing ratios relatively low (approximately 10−4 or
below) in all cases. H2 and CH4 concentrations increase
with increasing ftot(H2), subject to the constraints imposed
by Eqn 5 and the thermodynamically controlled marine
ecosystem.

Additional simulations for Case 2 are reported below under
Case 3. We have combined them with Case 3 because the results
are surprisingly similar at a particular value of ftot(H2). (The
likely value of ftot(H2), however, depends on which case is being
considered. See Discussion.) This, as we will see, is a pleasant
surprise from a modelling standpoint because it makes it easier
to analyse the results. We will explain the reasons for this as we
go along.

Case 3: Anoxygenic phototroph–acetogen ecosystem

Here, we replaced R1 (H2-based methanogenesis) with
R2 (H2-based anoxygenic photosynthesis). R3, R4, and R5
were also included. As shown in Fig. 8 and Table 2, the H2,
CO, and CH4 surface fluxes calculated for this system all
increased with increasing ftot(H2). The fluxes for Cases 2
and 3 were nearly indistinguishable, so Fig. 8 represents
both scenarios. The CH4 flux ranged from (1–8) × 1013 mol
year−1, which corresponds to approximately 1/3 to 2.3 times
the present CH4 flux. This result is also nonintuitive. There is
no a priori reason to expect that a completely anaerobic marine
Archean biosphere should generate roughly the same methane
flux as the present aerobic terrestrial biosphere. This result is
a complete coincidence, albeit a reassuring one for other
Archean atmosphere modelers who have made this assumption
without having any particularly good basis for it (e.g. Pavlov
et al., 2000, 2001a).

The surface mixing ratios of H2, CO, and CH4 for Case 3
are shown in Fig. 9. Note that the ratio of CH4:H2 increases
with increasing ftot(H2). This is because 4 mol of H2 are
required to generate 1 mol of CH4, whether by R1 or by R2
(twice) followed by R4 and R5. The calculated CH4:H2

ratio does depend slightly on the assumed ecosystem model
(Fig. 10). This ratio is higher for the Case 3 ecosystem because
the anoxygenic photosynthesizers are not limited by the same
thermodynamic free energy constraints as are the H2-using
methanogens; hence, they are able to draw H2 concentrations
down to lower values. Calculated CH4:H2 ratios for Case 2
range from approximately 2–35, whereas for Case 3 they
range from approximately 4–45. These values may be com-
pared with the ratios of 10–20 predicted by Kasting et al.
(2001) based on thermodynamic arguments alone. Evidently,
kinetic limitations (the transfer rate of H2 and CH4 through
the atmosphere–ocean interface) suppress the CH4:H2

ratio for ftot(H2) ≤ 2000 ppmv. For Case 3, the higher CH4:H2

ratios found at higher values of ftot(H2) are a consequence of
the greater drawdown of H2 by the anoxygenic phototrophs.
For Case 2, the increasing CH4:H2 ratios result from the
assumed relatively high concentration of CO2, which sup-
presses dissolved H2 by pushing R1 further to the right. By
contrast, the Kasting et al. (2001) model had lower CO2 con-
centrations at high values of ftot(H2) because those calculations
assumed a fixed surface temperature: CO2 was inversely
correlated with CH4 because both gases contribute to the
greenhouse effect.

These results suggest that once methanogens of any type
evolved on Earth, they should have converted most of the
available H2 into CH4. This is not a new idea. This conclusion
was reached more than 25 years ago by Walker (1977) based
on purely heuristic arguments. We have simply quantified his

Table 2 Fluxes, mixing ratios, and NPP values for the Case 1 and Case 3 ecosystems*
 

 

Case 1 
ftot(H2) Φvolc(H2) f(H2) f(CH4) [H2] [CH4] Φdep(H2) Φ(CH4) NPP† NPP§

200  5 × 109 60 70 1.29 × 10−8 1.24 × 10−7 2.76 × 1011 6.95 × 1010 6.95 × 109 1.86 × 1012

500 1.25 × 1010 100 200 1.64 × 10−8 3.22 × 10−7 4.44 × 1011 1.14 × 1011 1.14 × 1010 3.05 × 1012

800  2 × 1010 100 350 1.87 × 10−8 5.40 × 10−7 5.20 × 1011 1.35 × 1011 1.35 × 1010 3.61 × 1012

Case 3
ftot(H2) Φvolc(H2) f(H2) f(CH4) [H2]** [CH4] Φdep(H2) Φ(CH4) NPP‡ NPP§

200 6.32 × 109 22.2 83 – 1.30 × 10−7 1.32 × 1011 3.75 × 1010 6.98 × 1010 1.86 × 1013

500 1.45 × 1010 33 227 – 3.42 × 10−7 1.96 × 1011 6.55 × 1010 1.05 × 1011 2.79 × 1013

800 2.25 × 1010 42 372 – 5.54 × 10−7 2.45 × 1011 8.93 × 1010 1.31 × 1011 3.50 × 1013

2000 5.37 × 1010 62.1 960 – 1.40 × 10−6 3.69 × 1011 1.53 × 1011 2.00 × 1011 5.34 × 1013

5000 1.30 × 1011 88 2442 – 3.50 × 10−6 5.24 × 1011 2.27 × 1011 2.85 × 1011 7.61 × 1013

10000 2.56 × 1011 108 4927 – 7.00 × 10−6 6.45 × 1011 2.80 × 1011 3.51 × 1011 9.38 × 1013

*Φvolc(H2) is the outgassing flux of H2, and Φ(CH4) is the biogenic CH4 efflux from the ocean. All fluxes are in units of molecules cm−2 s–1, mixing ratios are in ppm 
by volume, and [H2] and [CH4] are in mol L–1.
**[H2] for Case 3 is effectively zero by default, because we assume H2-using phototrophs consume H2 as soon as it is deposited into the ocean (see previous section).
†NPP in molecules C cm−2 s–1, where NPP = 1/10 Φ(CH4).
‡NPP in molecules C cm−2 s–1, where NPP = 1/2 Φdep(H2) +

1/10 Φ(CH4).
§NPP in mol C year−1, where 1 mol year −1= 0.00374 molecules cm−2 s−1.
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original prediction. That being said, it should be clear from
our analysis that predicting the actual CH4:H2 ratio in the
Archean atmosphere would require knowledge of the surface
temperature and greenhouse effect, along with a good climate

model to deduce how much of this was due to CO2 and how
much to CH4. We have presented a methodology for calculat-
ing CH4 fluxes and CH4:H2 ratios, but obtaining accurate
answers requires that one be able to better constrain these
parameters.

Our Case 2 and Case 3 ecosystems are remarkably similar in
terms of the amount of methane that they generate, again for
a given value of ftot(H2). Net primary productivity for the two
ecosystems is quite different, however, as shown in Fig. 11.
NPP is a factor of 13–20 larger in Case 3 than in Case 2. This
is because NPP for Case 2 is equal to 1/10th of the CH4 pro-
duction rate, whereas NPP for Case 3 is equal to 1/2 of the H2

deposition rate. The NPP values of both of these anaerobic
ecosystems are far lower than modern marine NPP. Our calcu-
lated NPP values for Case 2 range from approximately (1–7) ×
1012 mol C year−1, or approximately 500–3000 times lower
than the modern marine value. For Case 3 they range from

Fig. 7 Vertical mixing ratio profiles of H2, CH4, and CO in our Case 2 ecosystem
for ftot(H2) = (A) 200 ppmv, (B) 800 ppmv, and (C) 5000 ppmv. The level of
CO2 was kept constant at 25 000 ppmv (2.5%) for each case.

Fig. 8 Surface fluxes of H2, CO, and CH4 as a function of ftot(H2) for the Case
3 ecosystem. The Case 2 system produced essentially identical values for these
fluxes, thus it is not shown here.

Fig. 9 Surface H2, CH4, and CO mixing ratios as a function of ftot(H2) for Case
3. Results for Case 2 (not shown) were similar.
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approximately (2–9) × 1013 mol C year−1, or approximately
40–200 times lower than today. As has been pointed out pre-
viously by others (e.g. Walker, 1977), primary productivity
should have increased dramatically after oxygenic photosyn-
thesis evolved because abundant H2O could then be used as a
reductant (see Discussion section).

The important fluxes in the Case 3 global hydrogen budget
are shown in Fig. 12. A CH2O burial efficiency of 2% has been
assumed. The figure illustrates several points. First, nearly all
of the outgassed hydrogen in this model is eventually lost by
escape to space, as opposed to being used to reduce outgassed
CO2 to organic carbon. The same is true to an even greater
extent for Case 2. This result is a consequence of our assump-
tion that hydrogen escapes as rapidly as possible, i.e. at the dif-
fusion limit, and that the organic carbon burial efficiency was
relatively low. If hydrogen escaped more slowly than we have
assumed, as suggested by Tian et al. (2005), then calculated

ftot(H2) values would have been correspondingly higher at a
given outgassing rate and more of the outgassed hydrogen
would have gone into reducing CO2, leading to correspond-
ingly higher NPP and organic carbon burial fluxes.

Second, the deposition flux of H2 into the ocean is consid-
erably higher than the volcanic flux of H2. Because all of the
downward-flowing H2 is assumed to be fueling anoxygenic
photosynthesis in this case, this implies that primary produc-
tivity is not limited by the volcanic outgassing rate. Recycling
of hydrogen and methane within the atmosphere–ocean
system allows productivity to exceed the supply of reductants
from outside the system. This result should not be surprising:
the same thing happens to an even greater extent in a closed
ecosystem such as a sulphuretum, in which organisms can
thrive despite a complete lack of supply of reductants from
outside. Note that the recycling is much more effective at
low values of ftot(H2) than it is at higher values. (The ratio
Φdep(H2):Φvolc(H2) ranges from approximately 25 at low
values of ftot(H2) to approximately 2.5 at high values.) This is
because photochemistry is more effective at converting CH4

back into H2 when the atmospheric CH4 concentration is
relatively low. At high CH4 concentrations, short-wavelength
UV photons become limiting, so the lifetime of CH4 increases
and the recycling rate is capped. This, in turn, suggests that at
high H2 outgassing rates, biological productivity may be affected
by the short-wavelength UV flux from the Sun (see Discussion).

Case 4: Sulphur-based ecosystem

We now turn our attention to an ecosystem based on sulphur
metabolism, R7 and R8. As discussed earlier, such an
ecosystem may actually have preceded one based on H2, but
then later on it would have operated in tandem with H2-
based metabolism. For consistency with the cases above, we

Fig. 10 Calculated CH4: H2 ratio as a function of ftot(H2) for both the Case 2
and the Case 3 ecosystems. The Case 3 values are higher because the
phototrophs utilize H2 more efficiently than the methanogens.

Fig. 11 Global net primary productivity (NPP) and CH4 flux as a function of
ftot(H2) for Cases 2 and 3. Shown for reference are the modern value of the
global CH4 flux and marine NPP (scaled down by 1000). For Case 2, NPP = 1/10

Φ(CH4), and for Case 3, NPP = 1/2 Φdep(H2) + 1/10 Φ(CH4).

Fig. 12 Hydrogen budget for the Case 3 ecosystem. The five curves
correspond to the five terms of the hydrogen budget, as described in the text
and Appendix 1. For the case shown here, we assume that 2% of the organic
matter produced by the phototrophs is removed through burial in marine
sediments (i.e. Φburial(CH2O) = 2% NPP).



66  P. KHARECHA et al.

© 2005 The Authors
Journal compilation © 2005 Blackwell Publishing Ltd

assumed that the sulphur reducers (R7) have the same
1 : 10 growth yield as the H2-using methanogens; that is,
they consume 10 mol of S per mole of biomass they
produce. Thus, their NPP is equal to 8/10 of the S8 deposition
flux. (In laboratory studies, e.g. Fischer et al., 1983, the
observed growth yield is about half of this value; this
would simply serve to decrease our NPP values by 1/2.) We
took NPP for the sulphur phototrophs (R8) to be 1/2 of the
H2S deposition flux. Because the SO2 outgassing rate was
likely approximately 1011 mol year−1 (Ono et al., 2003), and
the H2 outgassing rate was set at approximately 5 × 1012 mol
year−1, we expected that this ecosystem would show lower
NPP values than our H2-based ones.

Figure 13 illustrates the NPP values of both microbial
groups in this ecosystem as a function of the CH4:H2 ratio. As
the CH4:H2 ratio increases from 0.006 to 0.5, the NPP values
for the sulphur-reducing bacteria range from approximately
5.9 × 107−3.7 × 109 mol C year−1. The NPP of the H2S-using
phototrophs is slightly higher, approximately 4.7 × 109−6.7 ×
109 mol C year−1. The dependence of NPP of the sulphur
reducers on the atmospheric CH4:H2 ratio is a consequence of
the photochemistry: As the CH4:H2 ratio increases, more CO
is produced from photo-oxidation of CH4. This produces
more HCO, which in turn creates more HS, which creates
more S2, and ultimately, more S8. (For the detailed chemistry,
see Pavlov & Kasting, 2002.)

The total NPP for our sulphur-based ecosystem is 5–6
orders of magnitude lower than modern marine NPP and 2–
4 orders of magnitude lower than for our H2-based ecosys-
tems (compare Figs 11 and 13). Furthermore, within the sul-
phur-based system, the NPP of the phototrophs is generally
much higher (up to 80 times) than that of the sulphur reduc-
ers. Both results, however, should be viewed cautiously, as we
have neglected internal recycling of sulphur within the surface
ocean ecosystem. Unlike the case of the H2-based ecosystem,
there is no straightforward way of predicting internal recycling
rates. For the H2-based ecosystem, the rate of recycling was

governed by atmospheric photochemistry and diffusion rates
through the atmosphere–ocean interface. For the sulphur-
based ecosystem, the recycling rate would be determined by
microbial population dynamics within the surface ocean.

It is instructive to compare these results to those obtained
by Canfield (2005). Canfield’s sulphur-based ecosystem model
was more sophisticated in the sense that it did incorporate
biotic nutrient recycling. Canfield assumed that H2S-using
phototrophs in Archean microbial mats could have oxidized
hydrothermally derived sulphide to sulphate, much of which
would then have been reduced back to sulphide by bacterial
sulphate reduction. In turn, this secondary sulphide could
have further fuelled the phototrophs, thereby completing the
recycling loop. Using this approach, Canfield (2005) obtained
NPP values ranging from (2–20) × 1013 mol C year−1. These
values are approximately 3–4 orders of magnitude higher than
our sulphur-based NPP values and are therefore comparable
to the NPP of our H2-based ecosystems (see Table 2). We do
not, however, consider these high rates of sulphur metabolism
to be plausible. Canfield’s model assumes that essentially all of
the sulphide emitted by mid-ocean ridge hydrothermal vents
reaches the surface ocean. In reality, if the deep oceans were
rich in ferrous iron, most of this hydrothermal sulphide should
have reacted with dissolved Fe2+ to form pyrite (Walker &
Brimblecombe, 1985). Only the sulphur emitted from surface
volcanism would have been available to surface organisms.
Thus, perhaps a realistic estimate for sulphur-based NPP prob-
ably lies somewhere between Canfield’s value and ours. If we
multiply our S-based NPP values by a factor of 10 (Canfield’s
assumed recycling efficiency), our estimated maximum rate of
S-based NPP is approximately 1011 mol C year−1, which is still
a factor of 100–1000 times smaller than our H2-based NPP values.

Case 5: Iron-based ecosystem

Deriving limits on iron-based metabolism requires a different
approach, as iron would not have entered the early oceans
primarily through the atmosphere. (Paradoxically, iron does
enter the oceans from the atmosphere today, as dust; however,
much larger sources of iron were available to the reduced early
oceans.) We can derive plausible constraints on the productivity
of Fe2+-oxidizing phototrophs as follows: The concentration
of dissolved Fe2+ in the Archean deep oceans, aFe, is estimated
to have been approximately 3 ppm by weight or 0.054 mol m−3

(Holland, 1984; p. 388). This estimate is based partly on the
relative solubilities of siderite and calcite, and partly on the
amount of iron needed to form banded iron-formations. This
Fe-rich water would have been brought to the surface in
upwelling zones, as deep water is today. The rate at which deep
water is upwelled globally today can be estimated by dividing
the average depth of the oceans, 4 km, by the deep ocean
turnover time, approximately 1000 year (Broecker & Peng,
1982). This yields an upwelling rate, vup, of 4 m year−1 or
0.01 m day−1. The area of Earth’s surface is 5.1 × 1014 m2,

Fig. 13 NPP of H2S-using phototrophs and S-reducing bacteria, plotted as a
function of atmospheric CH4:H2 ratio for ftot(H2) = 800 ppmv. The chemistry
that affects the S reducers is described in the text.
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and oceans cover approximately 70% of this area, so the area
covered by oceans, Ao, is 3.6 × 1014 m2. We assume that the
growth yield, g, of Fe2+-oxidizing phototrophs is 0.25 mol C
mol−1 Fe2+. Thus, assuming that all of this upwelled iron was
used by the Fe2+-oxidizing phototrophs, the average NPP
of Fe2+-oxidizing phototrophs would have been vup·aFe·Ao·g =
1.9 × 1013 mol C year−1.

Recall that our most productive H2-based ecosystem yields
rates of (2–9) × 1013 mol C year−1. Hence, our model predicts
that iron-based NPP was slightly lower than H2-based NPP.
By comparison, Canfield (2005) obtained Fe2+-based NPP
values of approximately (2–6) × 1014 mol C year−1, which are
10–30 times higher than our estimate. His approach was based
on the stoichiometry of Fe2+-oxidizing photosynthesis and an
assumed Redfield ratio equal to the modern marine value.
We would argue that our estimate is therefore more plausible
because Canfield assumes that Archean productivity scaled to
modern productivity (i.e. it was P-limited), whereas we do not.

Such global average numbers are misleading, in a sense,
because upwelling regions are localized in certain coastal
zones and near the equator (Kump et al., 2004). In the open
ocean, the maximum upwelling rate is approximately 0.2 m
day−1, whereas in coastal regions it may range as high as
1 m day−1 (Broecker & Peng, 1982). The latter value is approx-
imately 100 times higher than the average upwelling rate, so
productivity in such regions could also be 100 times higher
than just calculated. Thus, the local NPP for iron-reducers in
coastal zones could have been of order 0.04 mol m−2 day−1, or
2 × 1013 cm−2 s−1. This is about half the modern NPP value in
upwelling regions, which is approximately 1 g C m−2 day−1, or
0.083 mol m−2 day−1 (Riley & Chester, 1971, p. 264; see also
Kasting, 1992). However, these NPP values are so high that
phosphate may have become limiting. If Bjerrum & Canfield
(2002) are correct, and phosphate levels were only 10–25% of
present levels, then the rate of Fe-based metabolism would be
reduced by a factor of 2–5. Recall that H2-based metabolism
rates may also have been reduced by a similar amount as
a consequence of P limitation. Hence, estimated global rates
of H2- and Fe-based metabolism remain roughly the same.

Spatially, then, the Archean marine ecosystem would
have been subdivided into different regions based on nutrient
kinetics and relative biological productivity. In upwelling
regions, iron would have titrated out all the sulphur, and Fe-
based metabolism would have dominated. Elsewhere, sulphur
deposited from the atmosphere would likely have titrated out
the iron. H2-based metabolism could have proceeded every-
where and may well have dominated over much of the ocean.

DISCUSSION

H2 escape rates and implications for Archean climate

An explicit assumption in all of our coupled model calculations
is that H2 escape to space was limited by molecular diffusion

through the homopause (100 km), as it is today, so that the
H2 escape flux was given by Eqn 3. This may not necessarily
have been true. Unlike the hot modern exosphere, the Archean
exosphere was probably cold due to the paucity of O2 (a good
UV absorber) and the relatively high level of CO2 (a good
IR emitter). Thus, energy limitations may have reduced
the escape rate, especially at higher values of ftot(H2). This
could ultimately have resulted in ftot(H2) values and
corresponding CH4 mixing ratios even higher than presented
here. The recent paper by Tian et al. (2005) supports the
idea that hydrogen escape was much slower than the
diffusion limit. We note, however, that they considered only
hydrodynamic escape, whereas in reality other nonthermal
hydrogen escape mechanisms may have been important,
as shown by Kumar et al. (1983) for early Venus. Thus, the
actual escape rate may have been intermediate between the
values that they calculate and the much faster escape rates
assumed here.

If Tian et al. are at least partly correct and the hydrogen
escape rate was indeed far lower (approximately 100 times)
than our assumed rate, then our model makes some interest-
ing predictions for climatic and biological evolution. Taken
together, Eqns 2 and 3 imply that for a given hydrogen
outgassing rate, ftot(H2) would be higher in a methanogen-
dominated ecosystem (Case 2) than in a phototroph-dominated
ecosystem (Case 3), because methanogens are much less pro-
ductive than phototrophs. Thus, much less organic matter
would be buried in a methanogen-dominated system, and so
the atmosphere–ocean H2 balance (Eqn 2) would essentially
have been between volcanic outgassing and escape to space
only. If methanogens evolved before anoxygenic phototrophs,
as phylogenetic evidence suggests (Battistuzzi et al., 2004),
this implies that ftot(H2) could have been very high, around
0.07. Methanogens should have converted most of the
H2 into CH4 (Fig. 10), so CH4 concentrations could have
approached 0.07÷2 = 3.5%. This is higher than the range of
values that has been studied with climate models. Pavlov et al.
(2000) showed that a CH4 concentration of 1% could produce
approximately 50 degrees of greenhouse warming. Depend-
ing on how much CO2 was also present, surface temperatures
could conceivably have been as high as the 55–85 °C estimated
from oxygen isotopes in 3.3-Ga Barberton cherts (Knauth &
Lowe, 2003). We have not attempted to calculate the green-
house effect of these higher CH4 concentrations because we
have learned that the Pavlov et al., 2000) climate model does
a poor job of calculating absorption of incoming solar near-IR
radiation in the stratosphere. This problem is currently being
addressed. It seems plausible, though, that an early Archean
Earth with a methanogen-based ecosystem could have been
very warm.

This scenario is consistent with the oft-noted observation
that most of the organisms located at the base of the r-RNA
phylogenetic ‘tree of life’ are thermophilic (Woese, 1987). In
our model, this could be explained by a globally hot climate
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that developed after methanogens evolved, perhaps around
3.8 Ga (Battistuzzi et al., 2004). All organisms living at this
time would have experienced this climate, including the sul-
phur metabolizers that may have evolved earlier, and so all of
them should exhibit this same trait. Other possible explana-
tions for basal thermophily include a hot origin for life itself or
resetting of temperature tolerances as a consequence of large
impacts (Gogarten-Boekels et al., 1995).

According to Tice & Lowe (2004), anoxygenic phototrophs
appear to have evolved by approximately 3.4 Ga. Their analy-
sis is based on observations of the Buck Reef chert in South
Africa. Molecular clock analysis yields a roughly comparable
date for this event, approximately 3.2 Ga (Battistuzzi et al.,
2004). So, anoxygenic photosynthesis probably became a
dominant mode of primary productivity by the early Archean.
Once this had happened, the rate of organic carbon burial
should have increased by roughly a factor of 10 (representing
the difference in NPP between Case 2 and Case 3 – see Fig. 11).
At this time, both ftot(H2) and atmospheric CH4 levels should
have decreased. If organic carbon burial follows the roughly
logarithmic trend seen in Figs 11 and 12, then ftot(H2) ≈ 2%
for Case 3, which implies that f(CH4) ≈ 1%. A climate calcu-
lation would be needed to determine by how much the
Archean climate should have cooled. After oxygenic photosyn-
thesis evolved, probably sometime before 2.7 Ga (Brocks
et al., 1999; Summons et al., 1999), CH4 levels would have
increased a second time (see below) and the climate may have
warmed once again. By approximately 2.3 Ga, however, free
O2 began to accumulate in the atmosphere, destroying the
methane greenhouse and perhaps triggering the Palaeoproter-
ozoic glaciations, as suggested by previous authors (Pavlov
et al., 2000).

The upper limit on CH4 might also have been influenced
by processes other than those considered here. As discussed
by Zahnle (1986) and Pavlov et al. (2001a), atmospheric
CH4:CO2 ratios exceeding unity would have led to the for-
mation of hydrocarbon haze, as occurs today on Saturn’s
moon Titan. This haze should have caused an ‘antigreen-
house’ effect (McKay et al., 1991) that would have cooled
the surface by absorbing solar radiation in the upper atmos-
phere and emitting it back to space. Ultimately, if the mean
surface temperature fell below freezing, the ocean would have
frozen over and CH4 production would have ceased almost
entirely. Hence, if hydrogen escape was indeed slow, the CH4

concentration may actually have been determined by the
atmospheric CO2 level. The CH4 abundance could have been
as high as that of CO2, but not higher, because that is when
organic haze would have formed. The CO2 concentration
itself is hard to estimate from first principles because it depends
on a variety of poorly constrained factors, such as continental
size, outgassing rates, and the efficiency of seafloor weathering
(Sleep & Zahnle, 2001). A detailed understanding of Archean
palaeoclimate must rely on better knowledge of the geological
record.

Effects of solar UV radiation on ecosystem productivity

Astronomical observations show that young solar-type stars
emit significantly more UV radiation than does the Sun
(Canuto et al., 1982, 1983; Zahnle & Walker, 1982; Walter &
Berry, 1991; Guinan & Ribas, 2002). This suggests that during
the Archean, the solar UV flux should have been several times
higher than the modern flux that we have assumed in all of our
calculations. As mentioned earlier, for higher levels of ftot(H2)
photochemical conversion of CH4 into H2 would have been
limited by the solar UV flux, most notably by the availability
of Lyman-α photons (λ = 121.6 nm). This photochemistry,
combined with atmospheric oxidation of CH4 to eventually
form CO2, constitutes the abiotic reverse of R1 (which is
biotic). Thus, we would expect that if we increase the solar
far-UV flux in our model, both the CH4 flux and the primary
productivity should increase significantly in the higher ftot(H2)
regimes.

To test this hypothesis, we conducted sensitivity tests using
our coupled model for both high and low values of ftot(H2).
(For convenience, we actually fixed f (CH4) rather than ftot(H2).
This must be borne in mind when analysing the results.) We
repeated our simulations for our Case 3 ecosystem using two
different perturbations: one in which we increased the solar
Lyman-α flux by a factor of 2.5, and one in which we increased
the entire solar far-UV flux using a wavelength-dependent
scaling factor of  (Pavlov et al., 2001a), with λ in nm.
The results of these analyses are shown in Table 3. As expected,
for all increased-UV simulations we calculated significant (25–
80%) increases in H2 and CO deposition, as well as in CH4

production and primary productivity. Likewise, the H2 and
CO surface mixing ratios also increased significantly in all of
the sensitivity runs. (Had we performed these calculations at
fixed ftot(H2), CH4 would have decreased slightly to compen-
sate for the H2 increase; however, the increases in CH4 flux
and productivity would have been nearly the same.) All of
these increases were much larger for high ftot(H2) values than
for low ones, consistent with the greater demand for photons
in these cases. Thus, ecosystem productivity during the early
Archean may have been partly controlled by the solar far-UV
flux.

Constraints imposed by the carbon isotope record

One way of testing the validity of these results is to compare
the predictions of the model with the carbon isotope record in
rocks. An observation that has stood the test of time fairly well
(Schidlowski et al., 1983; DesMarais et al., 1992; DesMarais,
1997; Kump et al., 2001) is that the δ13C values of carbonate
rocks have remained close to 0‰ throughout most of geolo-
gical time. (Some remarkable, short-lived excursions in δ13C
have occurred, e.g. at 2.0–2.2 Ga [Karhu & Holland, 1996],
but these are not pertinent to the discussion here.) The δ13C
values of organic carbon (kerogen) in rocks are more scattered,
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but most values fall in the range of −20‰ to −40‰, with an
average near −25‰ (Schidlowski et al., 1983; Pavlov et al.,
2001b). In the conventional interpretation of the C isotope
record, mass-balance arguments can be used to show that the
fraction of outgassed CO2 buried as organic carbon, f, is given
by:

(7)

Here, δcarb is the δ13C value of carbonates, δin is the δ13C value
of mantle carbon (−5‰), and ∆B is the fractionation between
carbonates and organic carbon (25‰ in this case). Hence,
according to this conventional viewpoint, δcarb values near 0‰
throughout most of geological time imply that f has remained
near 20%. A perceived increase in ∆B going back in time
through the Proterozoic may imply that f was only approxim-
ately 10% during the Archean (DesMarais et al., 1992). The
value of f during the Archean may have been even smaller
if the recent reinterpretation of the carbon isotope record by
Bjerrum & Canfield (2004) is correct (see below).

Holland (1984, 2002) has attempted to explain the appar-
ent near-constancy of f  by arguing that it was controlled by the
relative rates of supply of volcanic H2 and CO2. He assumed
that outgassed H2 was used to reduce some of the outgassed
CO2 to organic carbon by the reaction:

CO2 + 2 H2 → CH2O + H2O. (R10)

According to Holland (2002), the present volcanic H2 flux
is 5 × 1012 mol year−1, or 1.9 × 1010 cm−2 s−1, while the outgassed
CO2 flux is 6 × 1012 mol year−1, or 2.2 × 1010 cm−2 s−1.
Holland argued that if all of the outgassed H2 was used to
reduce CO2, then 42% of the outgassed CO2 could be buried
as organic carbon. Roughly half the H2 is used to reduce SO2

to pyrite (FeS2) in Holland’s model, though, yielding an f
value of approximately 20%, as required by the carbon isotope
data. In full detail, the argument is more complicated than

presented here, as carbon also enters the atmosphere–ocean
system from weathering of carbonate rocks and kerogens
on land. If one assumes that the reservoirs of continental car-
bonates and kerogen are in steady state, though, then the
numbers reduce to those given here. This is nothing more
than the requirement for global redox balance applied to the
modern, oxygenic Earth system.

Our model makes predictions about the organic carbon
burial rate that can be tested against the carbon isotope record
if one assumes that Holland’s estimate of the molar ratio of
outgassed CO2 to H2 (6 : 5) is correct. Organic carbon burial
fluxes are given in Fig. 12 as a function of ftot(H2). As men-
tioned earlier, they are 13–20 times higher for Case 3 than for
Case 2 because the anoxygenic phototrophs synthesize much
more organic carbon per unit of CH4 produced. A quick look
at the numbers shows that in the methanogen-based ecosys-
tem (Case 2), organic carbon burial never accounts for more
than about 0.3% of outgassed CO2, in complete disagreement
with the carbon isotope record. Three different reasons for
this discrepancy can be imagined: (1) the escape rate of hydro-
gen to space is overestimated in the model; (2) the burial
efficiency of organic carbon is underestimated; or (3) metha-
nogens have never dominated primary productivity during the
time period since about 3.2 Ga when a reasonably good car-
bon isotope record exists. Given a presumed early origin for
anoxygenic phototrophs, along with their ability to outcom-
pete methanogens at low H2 levels, explanation (3) seems
entirely reasonable. However, the Tian et al. (2005) result
shows that explanation (1) may also be relevant.

In contrast, our Case 3 ecosystem is consistent with the con-
ventional view of the carbon isotope record in some, but not
all, cases. It is instructive to look at these numbers in some-
what more detail. Holland’s estimated present day volcanic H2

flux supports a total hydrogen mixing ratio of just under 800
ppmv in our model. The exact concentration depends on the
organic carbon burial efficiency, which has been assumed
to range between 0.2% and 2%. Consider the case in which

Table 3 Results of solar UV sensitivity analyses for Case 3*
 

 

Original values 
ftot(H2) f(CH4) f(H2) f(CO) Φdep(H2) Φdep(CO) Φ(CH4) NPP† NPP‡

800 372 42 35.9 2.45 × 1011 1.07 × 1011 8.93 × 1010 1.31 × 1011 3.50 × 1013

10000 4927 108 171 6.45 × 1011 5.09 × 1011 2.80 × 1011 3.51 × 1011 9.38 × 1013

Changes after increasing Lyman–α flux
ftot(H2) f(CH4) f(H2) f(CO) Φdep(H2) Φdep(CO) Φ(CH4) NPP† NPP‡

800 372 50.7 49 3.02 × 1011 1.46 × 1011 1.12 × 1011 1.62 × 1011 4.34 × 1013

10000 4927 161 270 9.57 × 1011 8.04 × 1011 4.54 × 1011 5.24 × 1011 1.40 × 1014

Changes after increasing far UV
ftot(H2) f(CH4) f(H2) f(CO) Φdep(H2) Φdep(CO) Φ(CH4) NPP† NPP‡

800 372 50.5 48.7 3.00 × 1011 1.45 × 1011 1.11 × 1011 1.61 × 1011 4.01 × 1013

10000 4927 173 306 1.03 × 1012 9.12 × 1011 4.83 × 1011 5.63 × 1011 1.51 × 1014

*All fluxes are given in units of molecules cm−2 s–1, and mixing ratios are ppm by volume.
†NPP in molecules C cm−2 s–1, where NPP = 1/2 Φdep(H2) + 1/10 Φ(CH4).
‡NPP in mol C year−1, where 1 mol year−1= 0.00374 molecules cm−2 s−1.
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ftot(H2) = 200 ppmv (our lowest outgassing case) and the
organic carbon burial efficiency is 2%. The calculated H2 out-
gassing rate for this simulation is 2.1 × 1012 mol year−1, so the
corresponding volcanic CO2 flux should be 6/5 that value, or
2.5 × 1012 mol year−1. The calculated burial flux of organic
carbon for this case is 3.7 × 1011 mol year−1. Thus, the ratio of
buried organic carbon to outgassed CO2 is 0.15. This is in
fairly good agreement with the value of 0.2 predicted from
carbon isotopes, indicating that our model yields reasonable
results at low volcanic outgassing rates.

The same is not true, though, at high outgassing rates.
Figure 12 shows that while Φvolc(H2) scales linearly with ftot(H2),
the organic carbon burial rate does not. Proportionately less
internal recycling of H2 and CH4 occurs at high values of
ftot(H2), and more of the outgassed H2 escapes to space. The
result is that, at ftot(H2) = 10 000 ppmv, the calculated ratio of
buried organic carbon to outgassed CO2 is only approximately
0.02 – about 1/10th the value inferred from carbon isotopes.
These higher values of ftot(H2) are expected for a hot, volcan-
ically active young Earth; hence, our model underpredicts the
organic carbon burial rate for the most realistic simulations.
The most likely explanation is that Tian et al. (2005) are cor-
rect, and hydrogen escaped to space at a rate much slower than
the diffusion limit. Slow hydrogen escape is thus consistent
both with the carbon isotope record and with Holland’s early
proposals for what limits organic carbon burial.

The carbon burial rate as represented in our methanogenic
ecosystems (Cases 1 and 2) assumes that methanogen growth
is essentially continuous and always keeps up with metabolism
– that is, the ratio of carbon assimilation to metabolism is
fixed. In reality, this may not be true. Once the methanogen
population has reached steady state, the assimilation to meta-
bolism ratio may decline. This would make Cases 1 and 2 even less
consistent with the conventional view of the C isotope record.

Thus far, our discussion has been predicated on the conven-
tional interpretation of the carbon isotope record. Recently,
Bjerrum & Canfield (2004) suggested that hydrothermal
alteration (carbonatization) of ocean crust should be included
in the mass balance that leads to Eqn 7. If the carbon isotopic
composition of the deep ocean was different from that of the
surface ocean, as today – the modern deep ocean is enriched
in 12C relative to 13C – then Eqn 7 would have to be modified.
That analysis suggests that the value of f was between 0 and
10% throughout the Archean. Such a result is consistent with
virtually all of our anaerobic ecosystem models.

However, Nakamura & Kato (2004) have recently meas-
ured the δ13C values of carbonates in 3.5-Ga carbonatized
ocean basalts and found them to be −0.3 ± 1.2‰, suggesting
that the gradient in carbon isotope composition between the
surface and deep ocean was small at that time. This agrees with
what one might expect theoretically: the biological pumping
of particulate organic carbon into the deep ocean should
have been less efficient during the Archean than it is today due
to the absence of zooplankton and faecal pellets. Hence, we

believe that the conventional interpretation of the carbon
isotope record is essentially correct. This, in turn, implies that
hydrogen escape must have been relatively slow in order to
allow sufficient organic carbon to be buried.

Changes induced by the advent of oxygenic photosynthesis

For completeness, we discuss briefly the changes in NPP and
methane production that should have resulted following the
origin of oxygenic photosynthesis. In such a biosphere, the
limitations imposed by availability of reductants would have
been overcome and productivity should have been limited by
the supply of phosphorus. NPP could have risen to essentially
modern values, subject to constraints on P availability as
discussed by Bjerrum & Canfield (2004). As discussed by
other authors (Catling et al., 2001), CH4 production should
have risen as a consequence of the increased production
of organic matter and a corresponding increase in rates of
fermentation and methanogenesis in sediments (R4 and
R5). As in the ensuing Proterozoic Eon, recycling of organic
matter by aerobic decay and sulphate reduction would
have been inefficient (Canfield, 2005). CH4 fluxes from
marine sediments could therefore have been as high as 10–20
times the modern (mostly terrestrial) biogenic flux (Pavlov
et al., 2003), although this prediction depends on the uncertain
rate of consumption by methanotrophs living in consortium
with sulphate reducers in sediments (Hinrichs et al., 1999).
We nonetheless concur with the conclusion of Catling et al.
(2001): atmospheric CH4 concentrations should have increased
following this event, causing the climate to warm and
possibly increasing the rate of hydrogen escape to space. An
advent of oxygenic photosynthesis around 2.7 Ga (Brocks
et al., 1999; Summons et al., 1999) could have resulted in a
warm Late Archean.

CONCLUSIONS

A coupled photochemical-ecosystem model has been developed
to estimate CH4 production and net primary productivity
in the anaerobic Archean marine biosphere, before the origin
of oxygenic photosynthesis. CH4 fluxes predicted by the
completely anaerobic model are within a factor of 3 of the
modern biogenic CH4 flux over a wide range of parameter
values. This suggests that atmospheric CH4 concentrations
should have risen to at least approximately 1000 ppmv soon
after methanogens evolved. Hence, CH4 could have had an
important effect on climate since the early Archean, or whenever
life itself originated on Earth.

H2-based metabolism was probably slightly more produc-
tive than ferrous iron-based metabolism on a global basis, but
the latter should have dominated marine productivity in
upwelling zones. Sulphur-using organisms were likely present
in nonupwelling regions of the Archean surface ocean. Their
productivity in our model is low; however, in reality, recycling
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of sulphur within the surface ocean might have allowed sul-
phur metabolism to proceed rapidly as well. Further studies
are needed to examine this question.

If H2-using methanogens evolved before anoxygenic
phototrophs (which appears likely), and if hydrogen escape
rates were slow, our results suggest that the Archean Earth
might have experienced a relatively hot period (with significant
greenhouse warming by CH4), followed by a cooler period
after phototrophs arose. This is because a phototroph-domi-
nated ecosystem would have been much more productive than
a methanogen-dominated one, and would therefore have a
lower ftot(H2) value, and thus, less CH4 to warm the climate.
The advent of oxygenic photosynthesis would have led to a
second increase in atmospheric CH4 and a warm Late Archean
climate. This warm period ended with the rise of atmospheric
O2 at approximately 2.3 Ga, which may have triggered the
Palaeoproterozoic glaciations.

Some or most of our ecosystem scenarios are consistent with
the carbon isotope record, depending on whether one accepts
the conventional interpretation of the record or the alternative
interpretation of Bjerrum & Canfield (2004). We favour the
conventional interpretation for reasons discussed earlier. An
ecosystem based on anoxygenic photosynthesis, coupled with
slow escape of hydrogen to space, could have produced suffi-
cient organic carbon burial to match this interpretation. More
evidence from the geological and biological records is needed
to test the predictions of this fairly complex ecological model.
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APPENDIX 1 THE ATMOSPHERIC HYDROGEN 
BUDGET

To assess the redox balance in an anoxic atmosphere, one
needs to keep track of the atmospheric hydrogen budget (see,
e.g. Kasting & Brown, 1998; Kasting & Catling, 2003). Phys-
ically, this represents the flow of electrons into and out of the
system. In our early Earth atmosphere model, we keep track
of four main fluxes in the hydrogen budget:
(1) Volcanic outgassing of H2 and other reduced species,
denoted by Φvolc(H2).
(2) H2 escape to space, denoted by Φesc(H2).
(3) Fluxes of oxidized and reduced chemical species at the
lower boundary (defined as positive for upward-flowing reduced
species, such as CH4), denoted by Φlow(H2).
(4) Rainout of oxidized and reduced species (defined as posi-
tive for downward-flowing reduced species, such as H2CO),
denoted by Φrain(H2).

For convenience, these fluxes are all expressed in terms of H2.
Here, Φvolc(H2) and Φesc(H2) represent ‘external’ fluxes, i.e.
fluxes that occur at the boundaries of the overall atmosphere–
ocean system. Hence, these terms also appear in Eqn 2 in the
main text. In contrast, Φlow(H2) and Φrain(H2) represent
‘internal’ fluxes that describe transfer of hydrogen (or elec-
trons) between the atmosphere and ocean; hence, they do not
appear in Eqn 2. Biogenic CH4 and downward-flowing H2 are
the major contributors to Φlow(H2). We express the atmospheric
hydrogen balance as:

Φvolc(H2) + Φlow(H2) = Φesc(H2) + Φrain(H2) (A1.1)

To do a model calculation, we first compute the theoretical
value of Φesc(H2) using Eqn 3 and then set Φvolc(H2) equal to
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Φesc(H2) + 2 Φburial(Corg), following Eqn 2. In theory, Φvolc(H2)
represents the volcanic outgassing fluxes of all reduced gases,
not just H2. However, in practice, we use only the flux of H2

because the fluxes of the other two main outgassed species,
H2S and CO, are relatively small by comparison. CH4 is not
released by subaerial volcanism (Holland, 1984), although
there may be a significant source from submarine volcanism
(Kelley et al., 2001, 2005) To compute Φlow(H2) and Φrain(H2),
we assign each of the 39 long-lived atmospheric constituents
an H2-weighting coefficient as determined by redox stoichi-
ometry. The values of these H2-weighting coefficients are
based on our selection of four ‘neutral’ atmospheric constitu-
ents: N2, CO2, H2O, and SO2. (We take ‘neutral’ here to mean
neutrality from a redox balance perspective. Our selection of
these four particular species is done purely for convenience –
we do not need to keep track of the fluxes of ‘neutral’ constit-
uents.) So, for example, to determine the H2-weighting coef-
ficients for CO, CH4, and NO, we first look at the redox
reactions that would convert them to their corresponding
neutral constituents CO2 and N2:

CO + H2O → CO2 + H2

CH4 + 2 H2O → CO2 + 4 H2

NO + H2 → 1/2 N2 + H2O

From these reactions, we see that 1 mol of CO produces 1 mol
of H2, 1 mol of CH4 produces 4 mol of H2, and 1 mol of NO
consumes 1 mol of H2. Thus, the assigned H2-weighting coef-
ficients for CO, CH4, and NO are +1, +4, and −1, respectively.

We then multiply the relevant internal fluxes (rainout and
lower boundary) for each long-lived constituent by its H2-
weighting coefficient and sum these terms to calculate Φlow(H2)
and Φrain(H2). This can be expressed mathematically as follows:

Φlow(H2) = ∑ [Φlow(i) · c(i)] (A1.2)

Φrain(H2) = ∑ [Φrain(i) · c(i)], (A1.3)

where i denotes a long-lived constituent and c(i) denotes its
H2-weighting coefficient.

Evaluating Eqn A1.1 at the end of each model run provides
a diagnostic check on the accuracy of the photochemical
reaction scheme and on the spatial differencing in the photo-
chemical model. If either of these components does not
conserve mass, then the redox budget is not likely to balance.
In our models it always balances to better than approximately
0.01%. We note parenthetically that photochemical models
that do not keep track of redox balance can produce unphysical
results, e.g. high free O2 concentrations in atmospheres that
lack photosynthetic O2 input (e.g. Canuto et al., 1982; Selsis
et al., 2002). Models that do not track redox balance should
not be trusted.

APPENDIX 2 CALCULATING DISSOLVED H2 
AND CO USING FREE ENERGY CONSTRAINTS

To calculate [H2]aq in our methanogen-based ecosystems, we
apply the free energy form of the Nernst equation to reaction
R1. This equation may be written as:

∆G = ∆G0  + R T ln Q, (A2.1)

where
∆G = free energy change of the reaction,
∆G0 = free energy change of the reaction under standard con-
ditions (i.e. unit concentrations of the reactants and products),
R = universal gas constant = 0.008314 kJ mol−1 K−1, and 
T = 298 K (the assumed water column temperature).

where  (that is, the dissolved concentration of

species i divided by its Henry’s law coefficient; a(H2O) is
assumed to be (1)).

We write Q in this way because the free energies are given
in terms of gas partial pressures (in atm), but we are applying
Eqn A2.1 to gases dissolved in water. Note that the free energy
change between a free gas and a dissolved one is zero when
the system is at equilibrium, that is, when the dissolved gas
concentration is given by Henry’s law. Here, we assume that
∆G = −30 kJ mol−1, i.e. that methanogens will consume
dissolved H2 until they obtain 30 kJ mol−1 (the approximate
energy needed to produce 1 mol of ATP from ADP + Pi)
from R1. Following Kral et al. (1998), we assumed that
∆G0 = (−253 + 0.41 T) kJ mol−1; thus, if T = 298 K, then
∆G0 = −131 kJ mol−1. We take atmospheric CO2 to be in
equilibrium with dissolved CO2; therefore .
To solve for [H2]aq using Eqn A2.1, we first need to find [CH4]aq.
We do this by substituting the photochemical model-calculated
value of Φ(CH4) into Eqn 1. Thus, we get:

(A2.2)

Solving for Q in Eqn A2.1 gives . We

then solve for [H2]aq using the definition of Q and the value
of [CH4]aq obtained from Eqn A2.2:

(A2.3)

Using a similar approach, we calculate [CO]aq for Cases 2
and 3. For these calculations, we apply Eqn A2.1 to R6. We
assume that the primary acetogens would consume CO until
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they obtain 30 kJ mol−1 from R3, and that the acetotrophic
methanogens would consume the resulting CH3COOH until
they obtain 30 kJ mol−1 from R5. Thus, using Hess’s law, we
assume that the combined action of these two groups of
organisms would yield 60 kJ mol−1 from R6.

Here, . Applying the Gibbs

equation (∆G0 = ∆Η 0–T · ∆S0) to R6 gives us ∆G0 = −241.5
+ 0.104 · T = −210.5 kJ mol−1 for T = 298 K. We again take
atmospheric CO2 to be in equilibrium with dissolved CO2,
and we calculate [CH4]aq using Eqn A2.2. Finally, we solve for
[CO]aq just as we did above for [H2]aq:

APPENDIX 3 ABIOTIC UPTAKE OF 
ATMOSPHERIC CO BY THE OCEAN

For a biosphere in which there were no CO-consuming
organisms (e.g. our Case 1), atmospheric CO should still
have flowed into the ocean, but at a relatively slow rate
that was controlled by abiotic chemistry. This process
has been studied in the laboratory by Van Trump & Miller
(1973) and more recently by M. Schoonen and R. Penfield
at SUNY Stony Brook (private communication). After it
enters the ocean, CO hydrates to produce formate (HCOO–).
This process involves three steps: (1) dissolution of atmo-
spheric CO to form dissolved CO, (2) hydration of CO to
formic acid, HCOOH, and (3) dissociation of HCOOH to
HCOO– and H+. Hydration of CO to formic acid is the rate-
limiting step. The overall reaction can be represented as follows:

CO + OH− → HCOO− (RA3.1)

Schoonen and Penfield have examined the photochemical as
well as thermal decomposition of this resulting HCOO–. They
found that a small fraction of it (approximately 4%) is photo-
chemically converted into acetate, CH3COO–. This represents
a net loss of CO from the system. However, most of it gets
converted back into CO, either by photochemical processes in
the surface ocean or by thermal processes in the deep ocean.

We have created a 2-box model that allows us to estimate
the abiotic deposition rate of CO (Fig. A3.1). Our model
includes four variables:
(1) dissolved CO in the surface ocean, [CO]s;
(2) dissolved formate in the surface ocean, [HCOO–]s;
(3) dissolved CO in the deep ocean, [CO]d;
(4) dissolved formate in the deep ocean, [HCOO–]d; and 

At steady-state, production equals loss for each of these
chemical species. We can express this by the following system
of equations (production terms are on the left-hand side of
each equation, loss terms are on the right):

(A3.1)

(A3.2)

(A3.3)

(A3.4)

Here,
zs = depth of surface ocean = 104 cm
zd = depth of deep ocean = 3.9 × 105 cm
vp(CO) = piston velocity of CO = 5 × 10−3 cm s−1

vover = turnover velocity of ocean = 1.2 × 10−5 cm s−1

[OH–] = concentration of OH– (for pH = 8, [OH–] =
10−6 mol L−1)
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Fig. A3.1 Diagram of 2-box model of CO deposition for a biosphere in which
there are no CO-consuming organisms. Terms are explained in the text.
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αCO = Henry’s law coefficient for CO = 8 × 10−4 mol L−1 bar−1

pCO = partial pressure of CO (taken from photochemical
model output)
C = 6.02 × 1020 molecules cm−3 mol−1 L−1 (units conversion
factor)
khyd = rate coefficient for CO hydration to HCOO–=
exp(−10,570/T + 25.6)
k2 = rate coefficient for photochemical conversion of HCOO–

to CO ≈ 6.4 × 10−5 s−1

k3 = rate coefficient for CH3COO– formation from HCOO– ≈
2.7 × 10−6 s−1

k4 = rate coefficient for thermal conversion of HCOO– to CO
≈ 8.04 × 10−14 s−1

Except for k4, the values for the rate coefficients were provided
by M. Schoonen and R. Penfield; the value for k4 was extrap-
olated from McCollom & Seewald (2003). Note that we have
applied the stagnant boundary layer to the exchange of CO
between the atmosphere and ocean, as reflected in Eqn A3.1.
Also, we have simplified the system by assuming no pH gradient
in the ocean, so that [OH–] does not vary with depth. This
should be approximately true for an abiotic ocean because the
pH gradient is set up by the downward flux of organic matter
from the surface to the deep ocean. Finally, it is also worth
noting that because of the very large difference between the
photochemical and thermal decay coefficients for formate (k2 and
k4, respectively), it would be reasonable to infer that formate
could have accumulated to much higher levels in the deep ocean

than it did in the surface ocean. This could have had important
implications for the prebiotic chemistry of the ocean.

Using values of pCO obtained from the photochemical model,
we solve the above system of 4 equations and 4 unknowns. We
then use the model-calculated value for [CO]s to find the
CO deposition velocity, vdep(CO), based on Eqn 1:

 (A3.5)

where nCO = number density of CO.
Using this approach, we have found that for a wide range

of plausible ocean temperatures, the CO deposition velocity
should be of the order of 10−8−10−9 cm s−1 in the abiotic case.
These values may be compared with CO deposition velocities
of approximately 10−4 cm s−1 for the case when dissolved CO
is consumed by organisms (see Model Description section). A
sensitivity test reveals that the surface ocean temperature
would have to be unrealistically high (over 200 °C) for the
abiotic CO deposition velocity to approach the biotic value.
When the low, abiotic CO deposition velocities are used in the
photochemical model, we find that CO runaway occurs for
high CH4 and/or CO2 values. As explained in the text, CO
runaway may actually have occurred if methanogens evolved
before CO-consuming organisms did. There is, however, no
geological evidence that such an unusual atmospheric state
ever existed.
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